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Abstract

The reactive transport model FLOTRAN was used to forward-model weathering profiles developed on granitic outwash
alluvium over 40–3000 ka from the Merced, California (USA) chronosequence as well as deep granitic regolith developed over
800 ka near Davis Run, Virginia (USA). Baseline model predictions that used laboratory rate constants (km), measured fluid
flow velocities (v), and BET volumetric surface areas for the parent material (Ao

B;m) were not consistent with measured profiles
of plagioclase, potassium feldspar, and quartz. Reaction fronts predicted by the baseline model are deeper and thinner than
the observed, consistent with faster rates of reaction in the model. Reaction front depth in the model depended mostly upon
saturated versus unsaturated hydrologic flow conditions, rate constants controlling precipitation of secondary minerals, and
the average fluid flow velocity (va). Unsaturated hydrologic flow conditions (relatively open with respect to CO2(g)) resulted in
the prediction of deeper reaction fronts and significant differences in the separation between plagioclase and potassium feld-
spar reaction fronts compared to saturated hydrologic flow (relatively closed with respect to CO2(g)). Under saturated or
unsaturated flow conditions, the rate constant that controls precipitation rates of secondary minerals must be reduced relative
to laboratory rate constants to match observed reaction front depths and measured pore water chemistry. Additionally, to
match the observed reaction front depths, va was set lower than the measured value, v, for three of the four profiles. The reac-
tion front gradients in mineralogy and pore fluid chemistry could only be modeled accurately by adjusting values of the prod-
uct kmAo

B;m. By assuming km values were constrained by laboratory data, field observations were modeled successfully with
TST-like rate equations by dividing measured values of Ao

B;m by factors from 50 to 1700. Alternately, with sigmoidal or Al-
inhibition rate models, this adjustment factor ranges from 5 to 170. Best-fit models of the wetter, hydrologically saturated
Davis Run profile required a smaller adjustment to Ao

B;m than the drier hydrologically unsaturated Merced profiles. We attrib-
uted the need for large adjustments in va and Ao

B;m necessary for the Merced models to more complex hydrologic flow that
decreased the reactive surface area in contact with bulk flow water, e.g., dead-end pore spaces containing fluids that are near
or at chemical equilibrium. Thus, rate models from the laboratory can successfully predict weathering over millions of years,
but work is needed to understand how to incorporate changes in what controls the relationship between reactive surface area
and hydrologic flow.
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1. INTRODUCTION

Silicate mineral weathering yields nutrients to ecosystems
(e.g., Carey et al., 2005), buffers acid deposition (e.g.,
Williams and Melack, 1997), and contributes elemental
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fluxes to the ocean (e.g., Kump et al., 2000). On the million-
year time scale, silicate mineral weathering is one of the
major sinks for atmospheric CO2 (e.g., Berner, 1995). The
ability to successfully model mineral dissolution in soils will
be important for predicting how variations in temperature
and precipitation due to global climate change will affect
soil chemistry into the future (e.g., Williams et al., 2003).
Predictions of mineral dissolution rates are also necessary
to understand numerous other societal issues including
maintenance of water quality (e.g., Malmström et al.,
2000), nuclear waste disposal (e.g., Yokoyama et al.,
2005), and geologic carbon sequestration (e.g., Carroll
and Knauss, 2005). However, researchers find that mineral
dissolution rates calculated from field data, including rates
calculated from aquifers, soil pore waters, soil chemistry,
and stream chemistry, are two to five orders of magnitude
slower than experimental mineral dissolution rates ob-
served under far-from-equilibrium conditions (e.g., White
et al., 1996; Oliva et al., 2003; White et al., 2005; Zhu,
2005; White et al., 2008). The large differences in rates make
it difficult to predict mineral dissolution in field systems
using experimental data.

Chemical, physical, and biological factors all contribute
to the observed differences between laboratory and field dis-
solution rates (White and Brantley, 2003). Some chemical
and physical factors seem to be intrinsic to the mineral sub-
strates themselves. By careful choice of mineral substrates
for dissolution in the laboratory, these chemical and miner-
alogical factors can be minimized between laboratory and
field as well as between field sites (White and Brantley,
2003). Chemical composition and mineralogical structure
are clearly intrinsic factors that affect mineral reactivity.
For example, exsolution lamellae are common to feldspar
and affect reactivity such that calcic zones dissolve more
quickly than sodic zones (e.g., Oliva et al., 2004; White
et al., 2008). Another common factor is that certain miner-
als have higher specific surface area, e.g., plagioclase has a
higher specific surface area than quartz, which may indicate
higher reactivity.

However, some of these “intrinsic factors” vary over
long time intervals and are therefore hard to measure in
the laboratory. For example, reactive surface area dimin-
ishes over time (White et al., 1996; White and Brantley,
2003) and with the approach to chemical equilibrium,
which itself varies with time and position (Shiraki and
Brantley, 1995; Beig and Luttge, 2006). In contrast, BET
surface area increases with dissolution duration (White
et al., 1996; Hodson et al., 1998). Additionally, the rate
equation for a given mineral could be considered an intrin-
sic factor, particularly when the rates are based on condi-
tions typically found in the field. For example, rate
equations describe how dissolution is promoted or inhibited
by aqueous species, e.g., alkali feldspar dissolution can be
inhibited by aqueous Al3+ (Oelkers et al., 1994; Stillings
et al., 1996). Likewise, each mineral can be characterized
with respect to how its dissolution rate varies with chemical
affinity, e.g., plagioclase dissolution rates non-linearly
decrease as chemical equilibrium is approached (e.g., Burch
et al., 1993; Hellmann and Tisserand, 2006). Similarly, rates
of secondary mineral precipitation slow near equilibrium, a
phenomena that has been observed in laboratory experi-
ments (e.g., Yang and Steefel, 2008; Zhu and Lu, 2009)
but only suggested in field studies due to difficulty of mea-
surement (e.g., Zhu et al., 2004; Godderis et al., 2006;
Maher et al., 2009).

Characteristics that are clearly external to the minerals
themselves are referred to as extrinsic factors. These factors,
predominantly physical and biological in nature, vary be-
tween laboratory and field and among field sites. Perhaps
the key physical extrinsic factor is hydrology, which in-
cludes the amount of water flowing through a system as
well as the hydrological heterogeneity. Heterogeneity re-
sults in regions with differing rates of advection as well as
regions of low or no permeability (e.g., dead end pores or
micropores) where diffusive transport dominates (Green
et al., 2005; White et al., 2005; Evans and Banwart,
2006). Biological extrinsic factors are related to ecosystem
functions. For example, plants and microorganisms take
up water and inorganic nutrients such as Ca, K, and P
(Crews et al., 1995; Bormann et al., 1998; Moulton et al.,
2000). Plants and fungi produce organic matter and organic
acids that can play a direct role in mineral dissolution (Stil-
lings et al., 1996; Drever and Stillings, 1997) as well as in
transport of Al and Fe from the surface soil to subsurface
horizons (Lundström et al., 2000; Masiello et al., 2004).
Plants slow physical erosion by holding soil particles in
place with root systems (Drever, 1994). These extrinsic fac-
tors are difficult to investigate in the laboratory.

The combination of ideal field sites and a reactive trans-
port model gives the opportunity to determine the role that
these intrinsic and extrinsic factors play in driving the dif-
ference between laboratory and field dissolution rates. We
selected two field sites where field weathering rates of pla-
gioclase and potassium feldspar (k-feldspar) are 3–4 orders
of magnitude slower (White et al., 1996; White et al., 2001;
White et al., 2005) than far-from-equilibrium laboratory
rates for feldspar dissolution under similar pH conditions
(Bandstra and Brantley, 2008). To investigate weathering
at these sites, FLOTRAN, a coupled chemical and hydro-
logical reactive transport model (Lichtner, 2007), was used
to forward-model dissolution of the parent material over
millions of years. Using FLOTRAN, we systematically
evaluated many of the chemical and physical factors that
control feldspar dissolution and contribute to the large dif-
ference between laboratory and field dissolution rates.

2. SITE DESCRIPTION AND FIELD DATA

The two granitic weathering sites we investigated in-
cluded: (1) several soil profiles from a granitic alluvial
chronosequence (durations of soil formation from 40 to
3000 ka) along the Merced River, California, USA, and
(2) the Davis Run granitic regolith in Virginia, USA (soil
residence time estimated to equal 800 ka). Davis Run pro-
vided a contrast to Merced in that it weathered under a
cooler and wetter climate, experienced higher and more
constant values of water saturation, and is a deeper weath-
ering profile developed on bedrock. Dissolution of plagio-
clase feldspar, the most abundant mineral in both
settings, is the most important dissolution reaction in terms
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of elemental fluxes. Dissolution of plagioclase feldspar,
potassium feldspar (k-feldspar), and quartz, as well as pre-
cipitation of kaolinite, are modeled at both sites.

2.1. Merced

The Merced chronosequence soils, formed on dissected
terraces along the Merced River in the eastern Central Val-
ley and western foothills of the Sierra Nevada in California
(USA), have been the subject of extensive study for tempo-
ral trends in pedology, soil mineral weathering, soil pore
water chemistry, ecology, and hydrology (Harden, 1982;
Pavich et al., 1986; Harden, 1987; White et al., 1996; Bais-
den et al., 2002; Bullen et al., 2004; Green et al., 2005;
White et al., 2005). We focus on soils formed on the lower
member of the Modesto formation (duration of soil forma-
tion = 40 ka), the middle member of the Riverbank forma-
tion (250 ka), the Turlock Lake formation (600 ka), and the
China Hat formation (3000 ka). The three older soils are
within 10 km of each other and the 40 ka soil is within
20 km (White et al., 1996). The soils formed on a parent
material of reworked alluvial sediments dominantly derived
from granitic rocks in the interior of the Sierra Nevada
(Harden, 1987). Erosion is assumed minimal for Merced
soils as described previously (Pavich et al., 1986; White
et al., 1996). Therefore, depletion of primary minerals is
attributed to mineral dissolution rather than physical ero-
sion. Merced chronosequence soils younger than 40 ka are
not modeled because the younger soils also include minerals
derived from metamorphic rocks located in the foothills of
the Sierra Nevada (Harden, 1987) and depositional effects
result in considerable variation in mineral composition.
Mean annual temperature (MAT) and precipitation
(MAP) from 1930 to 2003 at Turlock Lake (�40 km dis-
tant) are 16 �C and 30.6 cm, respectively (Harden, 1987;
White et al., 2005).

Plagioclase, quartz, and k-feldspar are the most com-
mon minerals in the parent material with lesser hornblende
and biotite (White et al., 1996). The clay fraction (<4 lm) is
predominantly kaolinite in all soils (White et al., 1996). For
the 250, 600, and 3000 ka terraces, data from multiple
depth profiles were reported (Harden, 1987; White et al.,
1996). Primary mineral concentrations in the sand and silt
fractions from each profile were measured by quantitative
X-ray diffraction (Table EA-1). The concentration profiles
were used to construct a depth-weighted average profile
for each terrace (Appendix A).

The fractional depletion or enrichment of component j

relative to the parent material after correction for relative
enrichment or depletion of other mobile components can
be calculated as:

sj;i ¼
CjC

o
i

Co
j Ci
� 1 ð1Þ

Here sj,i is the mass transfer coefficient for j at a given
depth, Cj and Co

j are the concentration (g g�1 or m3 m�3

regolith) of j in the weathering and parent material, respec-
tively, and Ci and Co

i are the concentrations of immobile
components i in the weathered and parent material, respec-
tively (e.g., Brimhall et al., 1988; Chadwick et al., 1990;
Anderson et al., 2002). Note that Table 1 summarizes a list
of symbols. When sj,i = 0, j is neither enriched nor depleted
compared to i; when sj,i = -1, j is completely depleted; when
sj,i > 0, j is enriched relative to i. For the Merced soils, we
define each component j or i as a mineral. (In recognition
of this, we often use subscript m instead of j in equations
below; see Table 1 for subscripts for specific minerals.)
Quartz, q, is defined as i as in White et al. (1996) because
no significant quartz dissolution occurred at Merced
through 3000 ka: i.e., relative quartz concentrations in-
crease with soil age as more soluble minerals weather away
(White et al., 1996). Additionally, quartz density is similar
to plagioclase and k-feldspar, reducing variation due to
the original alluvial deposition (White et al., 1996).

For j defined as mineral m, the fraction of m that re-
mains in the column from the surface down to the bottom
of the profile was calculated as:

F m ¼ 1�
P
ðV o

msj;izxÞP
ðV o

mzxÞ

� �
ð100Þ ð2Þ

where V o
m is the volume fraction of mineral m in the parent

material (m3 mineral m�3 regolith) and zx is the thickness of
a given sample or model interval x (note that the sum over
all zx equals the total weathering depth). Ideally mineral
losses over a depth profile are calculated using volume loss
or gain in addition to sj,i following equations published in
the literature (Brantley and Lebedeva, 2011). However,
the data to calculate strain were not available for all
Merced samples. For the depth interval of the 250 ka soil
with the largest reported strain (�28%, calculated using
bulk densities listed in Table EA-2), Fm as calculated from
Eq. (2) is 57.9%. Using an equation that incorporates
strain, Eq. (3) in Brantley and Lebedeva (2011), the value
is 69.3%. The difference is smaller for the other depth inter-
vals with lower strain values.

At Merced, splag,q at the surface decreases from �0.35 in
the 250 ka soil to �0.50 at 600 ka to �0.95 at 3000 ka
(Fig. 1A–C, Table EA-3). In contrast, skf,q equals 0 through
600 ka and then decreases to approximately �0.80 at
3000 ka (Table EA-3). Secondary kaolinite concentrations
increase with soil age as primary minerals dissolve and kao-
linite precipitates (Fig. 1A–C). Pore water chemistry across
the chronosequence reflects the soil mineralogy and chemis-
try changes (White et al., 2005). A dominant reaction in
Merced soils is dissolution of albite (NaAlSi3O8) coupled
with precipitation of kaolinite (Al2Si2O5(OH)4):

NaAlSi3O8ðsÞ þHþðaqÞ þ 0:5 H2O

! NaþðaqÞ þ 0:5 Al2Si2O5ðOHÞ4ðsÞ þ 2SiO2ðaqÞ ð3Þ

A similar reaction can be written for k-feldspar.
While these reactions are written assuming that Al is con-
servative in the soils, no such assumption is built into
FLOTRAN.
2.2. Davis Run

The Davis Run saprolite is located in Fairfax County,
VA and overlies the Occoquan granite, which has been de-
scribed as foliated granite or gneissic granite (Pavich et al.,



Table 1
List of parameters used in this paper.

Symbol Definition Units

Am Surface area for a given mineral m m2 m�3

Ao
B;m BET surface area for a given mineral m in the parent material m2 m�3

Ao
r;m Reactive surface area for a given mineral m in the parent material m2 m�3

bm Affinity power
Ci Concentration of some immobile component i in the weathering regolith (solid phase) m3 m�3

Co
i Concentration of some immobile component i in the parent (solid phase) m3 m�3

Cj Concentration of some mobile component j in the weathering regolith (solid phase) m3 m�3

Co
j Concentration of some mobile component j in the parent (solid phase) m3 m�3

Ceq Ceq is the aqueous concentration of an element or molecule at chemical equilibrium with a mineral mol m�3

C0 C0 is the aqueous concentration of an element or molecule mol m�3

F m Fraction of some mineral m remaining m3 m�3

H Hydrologic saturation state where 100% is saturated flow and <100% is unsaturated flow %
j Subscript for a mobile component; since mobile components in our system are typically minerals,

subscript m is usually substituted for subscript j

km Dissolution rate constant for mineral m mol m�2 s�1

kFFE
m Far-from-equilibrium dissolution rate constant for plagioclase (from empirical fit) mol m�2 s�1

kNE
m Near-equilibrium dissolution rate constant for plagioclase (from empirical fit) mol m�2 s�1

k̂m Dissolution rate constant for mineral m m y�1

K Equilibrium constant for mineral m with dissolution reaction as forward reaction
Km Equilibrium constant for mineral m with precipitation reaction as forward reaction
Kp Equilibrium constant for primary aqueous species
Ks Equilibrium constant for secondary aqueous species
Lj Slope of reaction front (weathering gradient)
k Exponent for the relationship between surface area and volume
m Subscript for a mineral component; specific minerals may be substituted were applicable (kf = k-

feldspar, kaol = kaolinite, plag = plagioclase, q = quartz)
Maq Aqueous species in mineral–water reaction
Ms Mineral species in mineral–water reaction
Pm Prefactor for mineral m

qm Density for a given mineral m g m�3

Qm Ion activity product for mineral m

Rm Dissolution or precipitation rate for mineral m mol m�3 porous
medium s�1

rm Temkin’s constant
Sm BET specific surface area m2 g�1

sj;i Mass transfer coefficient of weatherable mineral j relative to immobile component i

st
j;i Mass transfer coefficient at the top of the reaction front

sb
j;i Mass transfer coefficient at the bottom of the reaction front

v Field measured Darcy flow velocity m y�1

va Average flow velocity for a model m y�1

V o
m Volume fraction of some mineral m in the parent material m3 m�3

V m Volume fraction of some mineral m (Section 3.5.4) m3 m�3

�V m Molar volume for some mineral m m3 mol�1

xm Advance rate of reaction front m y�1

zx Thickness for some interval x m
Zt

m Top of reaction front. Defined as the depth when mineral concentration = �0% of parent
concentration or a minimum value

m

Zmid
m Midpoint of reaction front (depth below surface). Defined as the depth where s � �0:1, i.e., the depth

where mineral concentration is = 50% of the parent concentration.
m

Zb
m Bottom of reaction front (depth below surface). Defined as the depth where s � �0:1, i.e., the depth

where mineral concentration is = 90% of the parent concentration
m

238 J. Moore et al. / Geochimica et Cosmochimica Acta 93 (2012) 235–261
1985; Pavich, 1986; Pavich et al., 1989). The landscape is
considered to have reached geomorphologic steady state
with isovolumetric transformation of bedrock to saprolite
occurring at the same rate as the erosion of material from
the surface (Pavich, 1986; White et al., 2001). For such a
system, the weathering fronts move downward at the same
rate that the surface erodes (Pavich, 1986; White et al.,
2001). In our modeling we follow a previous weathering
study (White et al., 2001) that estimates the regolith resi-
dence time to be 800 ka based on 10Be measurements
(Pavich et al., 1985). The MAT at this site is 10 �C and
the MAP is 1.04 m (Pavich, 1986).

While no new quantitative mineralogical data were mea-
sured for Davis Run, soil and saprolite chemistry were used
in combination with published bedrock mineralogy (Seiders
et al., 1975) to estimate mineral phase abundance. Like the
Merced case study, sodium (Na) in the parent material is
found almost exclusively in the albitic plagioclase (An6,



Fig. 1. Mineral abundance versus depth for Merced and Davis Run. Depth versus sj,q for j = plagioclase (circles), k-feldspar (diamonds), and
kaolinite (triangles) versus depth for (A) Merced soils at 40 ka (open circle) and 250 ka (filled circle), (B) Merced soil at 600 ka, (C) Merced
soil at 3000 ka, and (D) Davis Run. Note the different depth scale for Davis Run. Values for sj,q = �1 when a component is completely
depleted relative to the parent material, = 0 when the component concentration is the same as the parent, and > 0 when a component is
enriched relative to the parent.
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White et al., 2001); therefore, Na concentrations in the
saprolite and soil were used as a proxy for plagioclase
concentration. Na concentrations are near zero from the
surface down to the top of the reaction front (11 m depth).
Na then increases to the parent concentration at the
bottom of the reaction front (20 m depth, Fig. 1D and
Table EA-4).

Potassium (K) concentrations, also depleted at the sur-
face, increase from the surface down to weathered bedrock
(Fig. 1D). Depletion of K is attributed largely to dissolu-
tion of k-feldspar (White et al., 2001). While K also is pres-
ent in muscovite, saprolite chemistry indicates muscovite is
stable in the saprolite (White et al., 2001). Kaolinite is the
dominant secondary phase in the saprolite (Pavich, 1986).
We use TiO2 as the immobile component when calculating
sj,I, for field data following White et al. (2001). However,
because we did not include the immobile element Ti in
our FLOTRAN model, for plots of s from FLOTRAN,
we set i = quartz.
2.3. Key features of the reaction fronts

The depth of the midpoint of a reaction front for a min-
eral in a profile documents the depth of the weathering ad-
vance for that mineral. Front depths plotted versus time for
a non-eroding profile such as Merced therefore document
the weathering advance rate. The change in mineral concen-
tration plotted versus depth across the reaction front de-
fines the weathering gradient (White, 2002).

In our modeling of Merced, we emphasized the simula-
tion of several key features of the regolith: depths of reac-
tion fronts and weathering gradients for plagioclase and
k-feldspar over time; lack of quartz dissolution through
3000 ka; extent of precipitation and gradient for kaolinite;
alkalinity, pH, and dissolved concentrations of Na and
SiO2 in pore fluids versus depth and time; and mineral
saturation states at 250 ka. At Davis Run, our modeling fo-
cused on simulation of the plagioclase reaction front depth
and weathering gradient as well as its separation distance
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from the k-feldspar reaction front. A secondary goal was to
simulate the depth and slope of the k-feldspar reaction
front.

3. METHODS AND MODEL INPUTS

3.1. Reaction fronts

A reaction front is defined as the portion of a depth
profile over which the concentration of some component
decreases from the parent material concentration to some
minimum value (Fig. 2, White, 2002; Brantley et al., 2007,
2008). A key feature of reaction fronts is the slope, or
weathering gradient. For mineral m, the slope of the reac-
tion front (Lm) is here defined as:

Lm ¼
Zb

m � Zt
m

sb
m;i � st

m;i
ð4Þ

where Zt
m and Zb

m (m) are the depth of the top and bottom of
the reaction front, respectively (Fig. 2) and st

m;i and sb
m;i are

the mass transfer coefficients at the top and bottom of the
reaction front, respectively. In our calculations, we defined
Zb

m as the depth where sb
m;i � �0:1 (i.e., the depth where

mineral concentration is = 90% of the parent concentra-
tion) and Zt

m as the depth where st
m;i � �1 or a minimum

value in the profile. The slope reveals information about
the kinetics of reaction relative to transport (Ortoleva
et al., 1986; Lichtner, 1988, 1996; Murphy et al., 1998;
White, 2002; Brantley et al., 2008; Brantley and White,
2009).

For an advection-dominated porous column without
erosion, when a reaction front is formed for a single mineral
m that dissolves to yield a single aqueous species (e.g.,
quartz to SiO2(aq)), Lm is described by the following
equation:

Lm ¼
va

k̂mAm

ð5aÞ
Fig. 2. Depth versus mineral fraction for a schematic reaction
front. Depth of the top (Zt), middle (Zmid), bottom (Zb), and slope
(L) of the reaction front are labeled.
where va is the average fluid flow velocity (m y�1), k̂m is the
dissolution rate constant for mineral m (m y�1), and Am is
volumetric surface area for mineral m (m2 m�3) (for more
details see Lichtner, 1988, 1996, 1998). Additionally, Eq.
(5a) assumes a constant mineral surface area. Eq. (5a) dem-
onstrates how variations in va or k̂mAm control Lm.
Although Eq. (5a) was derived for single-component, sin-
gle-phase systems that are not eroding, it has been shown
to be useful for conceptualizing more complex systems
(Lichtner, 1996) and for some eroding systems (Brantley
et al., 2008; Brantley and White, 2009). Several approaches
have previously been used to model such complex regolith
systems: a graphical approach (White, 2002), a spreadsheet
model approach (White et al., 1996, 2008; Boyle, 2007), an
analytical approach (Brantley et al., 2008), and reactive
transport modeling (Lichtner, 1996; Maher et al., 2009).

The other key feature of a reaction front is the advance
rate, xm (m y�1), i.e., the rate at which the depth of the mid-
point of the reaction front, Zmid

m (m) moves downward with
time. We define Zmid

m as the depth where s � �0:5, i.e., the
depth where mineral concentration is = 50% of the parent
concentration (Fig. 2). The xm for a single-component, sin-
gle-mineral profile is a function of mineral solubility, parent
composition, and fluid flow velocity is written as:

xm ¼
vaðCeq � C0Þ�V m

V o
m

ð5bÞ

where Ceq is the aqueous concentration of an element or
molecule at chemical equilibrium with a mineral (mol m�3),
C0 is the aqueous concentration of an element or molecule
(mol m�3), and �V m is the molar volume of mineral m. Note
that the kinetic and surface area terms are not in this equa-
tion and thus xm is independent of kinetics for a single-
component, single-mineral profile. For the derivation of
this equation, see Lichtner (1988). Although these simple
analytical expressions are useful, only with a reactive trans-
port code like FLOTRAN (Lichtner, 2007) can coupled
and complex processes be modeled to understand the slopes
and advance rates of reaction fronts and how mineral disso-
lution rates are affected by secondary mineral precipitation,
pH change, fluid flow velocity, and the approach to chem-
ical equilibrium.
3.2. Merced parent material mineralogy and surface area

The parent material used as model input in this study is
identical to parent material described for other studies of
the Merced chronosequence (Table 2; Harden, 1987; White
et al., 1996) except that biotite and hornblende were
excluded. Biotite does not dissolve but instead transforms
to hydrobiotite and then vermiculite as it weathers (White
et al., 1996). Approximately 65% of the hornblende is
depleted from the soil by 250 ka (White et al., 1996). The
relatively low concentrations and rapid depletion of
hornblende indicate that feldspar – particularly plagioclase
– dissolution dominates soil solution chemistry through
much of the chronosequence history. Additionally, the scar-
city of thermodynamic and kinetic data for hornblende
makes the modeling of this mineral relatively uncon-
strained. The BET specific surface area (Sm, m2 g�1) of a



Table 2
Parameters describing parent material.

Mineral Merced Davis Run

Specific BET surface
area (m2 g�1)a

Volume
fraction

Volumetric BET
surface area
(x104 m2 m�3)b

Specific BET surface
area (m2 g�1)c

Volume
fraction

Volumetric BET
surface area
(x104 m2 m�3)b

Kaolinite 1.485 0.035 13.65 1.485 0.010 3.861
k-Feldspar 0.372 0.087 8.279 0.210 0.265 13.53
Muscovite Not measured Not

present
0.550 0.127 18.62

Plagioclase 0.636 0.250 42.10 0.359 0.206 18.57
Quartz 0.274 0.243 17.69 0.155 0.363 14.15
Porosity 0.340 0.070

a Calculated from measured specific surface areas from the Merced soils (White et al., 1996) and grain size distribution (Harden, 1987). See
Appendix B for more details.

b See Section 3.3 for details.
c See Section 3.4 for details.
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mineral m in the Merced parent material was estimated from
measured grain size distributions and roughness factors cal-
culated from mineral-specific BET measurements (Appendix
B, White et al., 1996). Roughness is defined here as the min-
eral surface area measured at one scale (e.g., BET surface
area) divided by the same area measured at another scale
(e.g., geometric surface area) (Brantley et al., 1999). For
the clay fraction, Sm was set to the average measured values
of BET surface area for clay fractions from the Post-Modes-
to and Modesto soils (White et al., 1996) and the clay was
modeled as kaolinite (see Section 2.1). The measured volu-
metric surface area for mineral m in the parent material
(Ao

B;m, m2 mineral m�3 soil) was calculated from Sm:

Ao
B;m ¼ SmqmV o

m ð6Þ

where qm is the density of mineral m (g m�3). In recognition
that the reactive volumetric surface area for a mineral m

(Ao
r;m, m2 mineral m�3 soil) may differ from Ao

B;m, Ao
r;m was al-

lowed to vary as the primary fitting parameter for modeling
the slope of reaction fronts, which is set by kinetic reactions
(Eq. (5a)). Changes in mineral surface area (both Ao

B;m and
Ao

r;m) were modeled as:

Am ¼ Ao
m

V m

V o
m

� �c

ð7Þ

Here Ao
m is the volumetric surface area of the mineral in

the parent material (m2 m�3) and c is the exponent for the
relationship between surface area and volume. The expo-
nent c is usually assumed to be 2/3 based on the relation-
ship between surface and volume for a Euclidean surface
(e.g., Brantley et al., 1999).

3.3. Davis Run parent material mineralogy and surface area

Published mineral volume values in the Davis Run par-
ent material (Seiders et al., 1975) did not include porosity
and were re-calculated to account for the 7% porosity
found in the weathered bedrock (Table 2). The Ao

B;m values
for plagioclase, k-feldspar and quartz at Davis Run were
calculated using measured Sm for the sand-size classes from
Merced (Table 2). The Sm for muscovite was assumed to
be equal to laboratory-ground muscovite (Knauss and
Wolery, 1989). Unlike the Merced parent material, which
contains a small fraction of kaolinite, no kaolinite was
observed in the Davis Run parent. The kaolinite V o

m was
set to 0.01 in the Davis Run parent material to provide sur-
faces for kaolinite to precipitate (Table 2). As with Merced,
biotite was not included in the model parent material.
3.4. Model specifications

The systems were modeled as one-dimensional columns
of homogeneous, porous material that started with parent
composition at time 0. Beginning at time 0, an input solu-
tion was allowed to infiltrate the column. Models were
run until model time equaled soil formation time (Merced)
or residence time (Davis Run). The model profile depth was
7.6 m for Merced and 23 m for Davis Run, i.e., the models
extended from the land surface to just below the deepest
part of the observed reaction fronts.

For both Merced and Davis Run, the thickness of model
grid cells ranged from 0.0001 (near the surface) to 0.1 m (at
depth). Reaction front depth and slope were observed to be
relatively insensitive to maximum model grid sizes ranging
from 0.0001 to 0.1 m. Model results were also insensitive
to the maximum time step over a range from 1 to 300 y.
The model solution algorithm is a hybrid between central
finite difference and first order upwinding (Lichtner,
2007). Mineral volume fractions were updated at each node
in the column using an explicit finite difference algorithm
in time. We assumed concentration-gradient and zero-
gradient boundary conditions for the upper and lower
boundaries, respectively.
3.4.1. Climate and hydrology

Mesoscale climate modeling predicts MATs at the last
glacial maximum (LGM) were at least 5 �C colder than cur-
rent MATs at both sites, and MAPs at the LGM were high-
er than present day for northern California and lower for
northern Virginia (Bromwich et al., 2004). At a site near
Davis Run, paleotemperature data suggest for P80 ka,



Table 3
Chemical species.

Gas
species

Primary aqueous
species

Secondary aqueous
species

CO2 Al3+ AlOH2+

Ca2+ Al(OH)2
+

Cl� Al(OH)3

H+ AlðOHÞ�4
HCO�3 CO2

K+ CO2�
3

Mg2+ HCl
Na+ H3SiO�3
SiO2(aq) H2SiO2�

4

KCl
NaCl
NaHCO3

NaOH
OH�
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average MATs were more than 5 �C colder than the present
(Aeschbach-Hertig et al., 2002). Oxygen isotope measure-
ments of kaolinite also indicated that weathering at Davis
Run predominantly occurred during cooler glacial climates
(Elliott et al., 1997). Given that most of the weathering in
these profiles took place during cooler glacial climates,
the Merced model MAT was set to 6 �C, which is 5 �C cool-
er than current average temperatures in the winter. The
winter season is when the overwhelming majority of the
precipitation falls and weathering occurs at Merced. The
Davis Run model MAT was set to 5 �C.

Detailed discussions of hydrological characteristics at
Merced, where hydrologically unsaturated flow dominates,
have been published previously (Green et al., 2005; White
et al., 2005). These studies demonstrate that a significant
control on the hydrology is an argillic horizon that in-
creases in thickness and clay concentration with soil age.
This argillic horizon, which begins at 1 m below the surface
and evolves with time to as deep as 2 m, serves as a hydro-
logic “filter.” This filter attenuates the variability that arises
from a rainy winter and dry summer. As a result, flow
velocities across and below that horizon are approximately
constant throughout the year (White et al., 2005).

The model porosity for the Merced parent material was
set equal to 0.34, the calculated value for the Riverbank soil
(White et al., 2005) from the parent material bulk density of
1.72 g cm�3 (Harden, 1987; White et al., 1996). The model
porosity for the Davis Run parent material was set equal to
0.07, the value calculated for weathered granite 1 m below
the bedrock-saprolite interface based on bulk density mea-
surements (Pavich et al., 1989) and a grain density of
2.7 g cm�3. Porosity was updated throughout the simula-
tion as minerals dissolved or precipitated. Merced was
modeled under both hydrologically saturated and unsatu-
rated conditions to test sensitivity. In contrast, the lower
part of the Davis Run saprolite is saturated or nearly satu-
rated hydrologically and serves as a reservoir for ground-
water (Pavich et al., 1989), and thus Davis Run was
modeled as a hydrologically saturated system.

For the 250 ka Merced soil, the fluid flow velocity, v

(m y�1) equaled 0.057 for the time period of observation
from 1990 to 1994 (White et al., 2005). This velocity was cal-
culated from known MAP and measured enrichment of
chloride concentrations in soil pore water caused by evapo-
transpiration (ET) relative to precipitation (White et al.,
2005). For Davis Run, a value of v of 0.23 m y�1 was calcu-
lated from the water budget including precipitation, evapo-
ration, and runoff (Pavich et al., 1989). Instead of using
values of v estimated for one time period of observation of
the water budget, we modeled soil development by setting
a value for va for that location. As discussed below, we first
set va = v but then allowed va to differ from 0.057 or
0.23 m y�1 for the two locations to achieve a best fit.

With the average grain size (sand) and measured flow
velocities found at both Merced and Davis Run, data from
laboratory studies (Oelkers, 1996) indicate transport by
molecular diffusion is more important than transport by
longitudinal dispersion. Therefore, dispersion was set to 0
in all models unless otherwise stated. The effective diffusion
coefficient, De, was calculated using Archie’s Law:
De ¼ D � /2 ð8Þ

where D is diffusivity in water (1 � 10�9 m2 s�1) and / is
porosity (Table 2). Note that 2 is the cementation exponent
value for packed sand. Diffusivity was assumed to be spe-
cies-independent and constant across all grid cells.

3.4.2. Aqueous chemistry and thermodynamic data

Thermodynamic data for primary (or basis) and second-
ary aqueous species (Table 3) were derived from the EQ3/6
database (Wolery, 1992) with the exception of AlðOHÞ�4ðaqÞ
(Johnson et al., 1992). The model contains the minerals,
pore fluid, and CO2(g) as phases. All homogeneous aqueous
reactions are assumed to be at equilibrium within each grid
cell.

Input solution chemistry for Merced was assumed equal
to the average measured precipitation chemistry at the
Modesto, Riverbank, and Turlock Lake sites (Table 4, for
more details on measured data see White et al., 2005). Input
solution chemistry for Davis Run was estimated from the
average of the precipitation chemistry for sites MD99,
VA00, and VA10 (with sampling periods of 2004–2006,
1984–2006, and 2003–2006, respectively) in the National
Atmospheric Deposition Program (Table 4; NADP,
2008). Al and Si concentrations were below the detection
limit in Merced precipitation samples and NADP does
not report these elements. Thus Al and Si concentrations
in the initial precipitation chemistry for both sites were
set three orders of magnitude lower than the lowest mea-
sured concentrations at Merced (Table 4).

At both sites, water loss via ET reduces the amount of
water that infiltrates the profiles and results in an increase
in the concentration of ions in the soil solutions as com-
pared to precipitation inputs. At both sites, the ratio of v

to MAP was �0.2, i.e., 80% of precipitation water was lost
to ET. Therefore, the model input solutions had concentra-
tions �5 times higher than precipitation concentrations
(Table 4), and these enrichments were calculated using
PHREEQC (Parkhurst and Appelo, 1999).

The pH values for model input solutions were calculated
by equilibrating the solutions with pCO2 = 10�2.3 atm
(Table 4). Additionally, pCO2 was set at 10�2.3 atm at the



Table 4
Model input solution chemistry and hydrology.

Ion Average Merced
precipitation chemistrya

(lmol l�1)

Evaporated average Merced
precipitation chemistryb

(lmol l�1)

Average Davis Run
precipitation chemistryc

(lmol l�1)

Evaporated average Davis Run
precipitation chemistryb

(lmol l�1)

Al3+ 4.08 � 10�5d 2.08 � 10�4 1.04 � 10�6d 2.08 � 10�4

Ca2+ 20.8 106 1.75 8.92
HCO�3 20.0 pCO2-controlled 12.0 pCO2-controlled
K+ 13.8 70.3 0.52 2.65
Mg2+ 15.0 76.4 0.71 9.62e

Na+ 38.9 198 4.24 21.6
pH 7.00 5.79 7.0 5.79
SiO2(aq) 2.20d 1.12 2.20d 1.12
log pCO2

(atm)
�2.3 �2.3 �2.3 �2.3

v (m y�1) 0.057 0.23
De

(m2 s�1)
1.16 � 10�10f 6.76 � 10�11f

a Combination of wet and dry deposition measured for sites where pore water chemistry samples were collected (White et al., 2005).
b Concentrated with PHREEQC and the LLNL database (Parkhurst and Appelo, 1999) to simulate the effects of evaporation. See text.
c Average wet deposition chemistry from National Atmospheric Deposition Program sites VA10, MD99, VA00, & PA47 using all data

available (3–23 years) for each site through January 2008 (NADP, 2008).
d Set at three orders of magnitude smaller than lowest concentration measured in Merced pore waters. At one order of magnitude smaller

than the lowest measured concentration, the input solution is saturated with respect to quartz (SI = 0.49).
e Calculated as 3.62 lmol l�1 but increased in concentration so that the chemistry of the input fluid was charge balanced.
f Porosities used to calculate De = 0.34 (value measured for parent material) and 0.20 (calculated value for midpoint of plagioclase reaction

front).
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upper boundary of the model. The pCO2 of 10�2.3 atm is
consistent with the low end of soil pCO2 values observed
for modern temperate ecosystems (Cerling, 1999). While
this pCO2 is slightly lower than the average maximum
pCO2 measured for the 250 ka Merced soil (�2.2,
Table EA-5; White et al., 2005), a lower concentration is
justified since much of the weathering in these soils oc-
curred during glacial periods when atmospheric CO2 was
lower than the present because of decreased atmospheric
CO2 and lower plant productivity (Bender, 2003).
3.4.3. Mineral thermodynamics and kinetics

All minerals were modeled as pure phases using thermo-
dynamic data from the EQ3/6 database (Wolery, 1992) for
primary minerals and from experimental data for kaolinite
(thermodynamic and kinetic data summarized in Table 5).
The solubilities of Merced plagioclase (An32, White et al.,
1996) and Davis Run plagioclase (An6, Seiders et al.,
1975) were modeled as albite. For Merced, when the actual
plagioclase (An32) composition was assumed in the model
using an ideal mixing relationship to calculate solubility
(Lichtner and Carey, 2006), va had to be reduced by several
orders of magnitude compared to v to simulate the ob-
served mineral profiles. These models run with An32 also
failed to reproduce the observed k-feldspar profiles. A sim-
ilar conclusion was reached in the only comparable pub-
lished modeling study (Maher et al., 2009). They
discussed detailed petrographic studies of An25 to An80 pla-
gioclase in plutonic rocks that demonstrated that the crys-
tals are constructed of submicron-scale, intergrown
lamellae of albitic and anorthic compositions (see citations
and summary in White et al., 2009). Maher et al. (2009)
concluded that anorthic portions of the plagioclase were
shielded from reaction with soil pore waters due to the ex-
tremely small nature of the intergrown lamellae and thus
assumed albite solubility controlled plagioclase dissolution.
The same assumption was made here.

Secondary mineral precipitation in all profiles was mod-
eled as kaolinite precipitation since kaolinite is the domi-
nant secondary mineral in both systems. The kaolinite
dissolution-precipitation reaction can be written as:

Al2Si2O5ðOHÞ4 þ 6Hþ¢ 2Al3þ þ 2H4SiO4 þH2O ð9Þ

Several experimental values (May et al., 1986; Nagy
et al., 1991; Yang and Steefel, 2008) for the equilibrium
constant, K, for this reaction (107.45, 107.89, 107.30) are high-
er than the similar K value at 25 �C in the EQ3/6 database
(106.80). Thus, log K values for Eq. (9) in the thermody-
namic database were increased by 1 relative to the EQ3/6
database (Table 5). Note that here, K, is the equilibrium
constant for the reaction written as dissolution.

In FLOTRAN, mineral–water reactions are written as:

Maq () Ms ð10Þ

where Maq is the aqueous species and Ms is the reacting
mineral. Note the reaction is written where precipitation
is the forward reaction, rather than dissolution (Lichtner,
1996). The net rate of dissolution and precipitation for min-
eral m, Rm (mol m�3 porous material s�1) in FLOTRAN is
written as:

Rm ¼ �sgnmAm

X
l

P mkm

 !
1� ðKmQmÞ

1=rm

��� ���bm

ð11Þ

In this equation, Pm is the prefactor for each parallel
reaction defining the product of contributions from primary
and secondary aqueous species, km is the dissolution rate



Table 5
Mineral kinetic and thermodynamic data.

Mineral Log K at
25 �Ca

Log km

(mol m�2 s�1)
Rate law
dependence

Reaction order Activation energyb

(kJ mol�1)

Albite far-from-
equilibrium

2.7645 �9.62c H+ 0.403c 65.0

�14.90c OH� 0.376c 71.0
Albite – Near-
equilibrium

�10.84d H+ 0.403c 65.0

�16.12d OH� 0.376c 71.0
Kaolinite 7.8101 �14.15e H+ 0.151e 65.9

�23.79e OH� 0.894e 17.9
Potassium feldspar �0.2753 �10.06b H+ 0.50b 51.7

�12.41b H2O 38.0
�21.20b OH� 0.82b 94.0

Muscovite 13.5858 �11.85b H+ 0.37b 22.0
�13.55b H2O 22.0
�14.55b OH� 0.22b 22.0

Quartz �3.9993 �11.36c H+ 0.309c 87.7
�14.35c OH� 0.411c 87.7

a From the EQ3/6 database with the exception of kaolinite (see Section 3.4.3) for dissolution reactions at 25 �C. FLOTRAN recalculates the
equilibrium constant at the model temperature.

b Values from Palandri and Kharaka (2004).
c Regression of compiled experimental data for far-from-equilibrium dissolution data (Bandstra and Brantley, 2008; Bandstra et al., 2008).
d Calculated using the relationship between far-from-equilibrium and near-equilibrium dissolution rates observed by Hellmann and

Tisserand (2006). See Section 3.4.4 and Fig. 3 for details.
e One order of magnitude slower than dissolution rate constants (see Section 3.4.3) determined by fit of compiled experimental data for

dissolution experiments (Moore, 2008); experimental data from (Carroll-Webb and Walther, 1988; Bauer and Berger, 1998; Huertas et al.,
1999; Cama et al., 2002).
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constant (mol m�2 s�1) for each parallel rate law for min-
eral m, Qm is the ion activity product and Km is the equilib-
rium constant for the reaction written as precipitation
(Lichtner, 1988, 1996, 1998). Although the reactions in
FLOTRAN are formalized with precipitation as the for-
ward reaction (e.g., Eq. (10)), the rate constant km is a dis-
solution rate constant.

The sign of the rate equation is calculated as:

sgnm ¼
1� ðKmQmÞ

1=rm

j1� ðKmQmÞ
1=rm j

ð12Þ

A negative rate connotes dissolution and a positive rate
connotes precipitation.

To correct rates for chemical affinity, Temkin’s constant,
rm, and the affinity power, bm, are included (for more de-
tails see Lichtner, 2007). Note that when rm = bm = 1, the
rate equation is consistent with a transition-state theory
(TST) rate law treatment describing one elementary reac-
tion that controls dissolution/precipitation (Brantley,
2008). We therefore call this the TST rate law. Where more
than one reaction controls dissolution/precipitation over
the full range of chemical affinity, then such a simple TST
rate law cannot fully describe the rate behavior. In that
case, it is necessary to set these parameters to differ signifi-
cantly from unity. The supersaturation threshold that must
be exceeded for primary minerals to precipitate was set to
an arbitrarily high number (1099) since precipitation of
these minerals is not expected to occur under earth surface
conditions.
The prefactor for each parallel reaction is defined as:

P m ¼
QN c

p¼1

aap
p

1þ Kpa
gp
p

" # QNcx

s¼1

aas
s

1þ Ksa
gs
s

� �
ð13Þ

where ap and as represent the activity of primary and sec-
ondary aqueous species, Kp and Ks are the equilibrium con-
stants for reactions describing reactions with the primary
and secondary species, and ap; gp; as; gs are constants.
The prefactor is used to formulate rate laws dependent on
aqueous species such as H+, OH�, and Al3+.

The rates due to aqueous species such as H+ and OH�

are modeled as parallel rate laws that are summed to calcu-
late the net rate:

Rm ¼ RHþ

m þ RH2O
m þ ROH�

m ð14Þ

where RHþ

m ; RH2O
m ; ROH�

m are the rate laws for acidic, water,
or basic dissolution, respectively. These rate laws are calcu-
lated by using appropriate km values for acidic, water, or
basic dissolution in Eq. (11). Reaction orders for H+ and
OH� rates are then used as appropriate in Eq. (13). Rate
constants and reaction orders for albite, muscovite, k-feld-
spar, and quartz are derived from best-fit equations of com-
piled laboratory results (Table 5). The reaction orders with
respect to H+ or OH� for kaolinite were calculated based
on kaolinite dissolution data. Furthermore, the rate con-
stant for kaolinite, kkaol, was set to be one order of magni-
tude slower than the laboratory value for dissolution
(Table 5) because measured kaolinite precipitation rates
are �1 order of magnitude smaller than predicted when
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fitting a TST rate law to kaolinite dissolution data (Yang
and Steefel, 2008).

FLOTRAN calculates the rate in each model cell from
Eq. (11) using the following inputs: the values of km for
each rate in Eq. (14) and the reaction order (Table 5) along
with the calculated solution chemistry for that cell and the
temperature. Activation energies are used in FLOTRAN to
correct rate constants to field temperatures (Table 5). Val-
ues for Km at field temperatures are interpolated between
the database values at 0, 25, 60, 100, 150, 200, 250, and
300 using a Mayer–Kelly function (Lichtner, 2007).

3.4.4. Alternative rate laws

In TST-like laws, both dissolution and precipitation
rates slow linearly as thermodynamic equilibrium is ap-
proached without showing an inflection point because only
one elementary reaction controls the rate (Fig. 3). Experi-
mental studies demonstrate that TST-like rate laws for pla-
gioclase overpredict dissolution rates near equilibrium
(Burch et al., 1993; Gautier et al., 1994; Oelkers et al.,
1994; Taylor et al., 2000; Hellmann and Tisserand, 2006),
most likely because more than one rate-limiting step is
important across the full range of saturation state (Shiraki
and Brantley, 1995; Beig and Luttge, 2006). Instead, near-
equilibrium plagioclase dissolution rates are smaller than
far-from-equilibrium rates and the net rates of dissolution
change sigmoidally as a function of DG of reaction as
Fig. 3. Laboratory rate data (circles) and fitted composite rate law
for far-from-equilibrium and near-equilibrium conditions at
150 � C. Plagioclase dissolution rates (circles) versus saturation
index (X) data from Hellmann and Tisserand (2006). Dissolution
rates decrease in a sigmoidal fashion as the saturation index
increases. These rates are used to calculate a composite dissolution
rate law (solid line) from the summation of far-from-equilibrium
(dashed [long] line) and near-equilibrium (dashed-dotted line) rate
equations. This formulation does not contain the mechanistic data
from the parallel rate laws used by Hellmann and Tisserand (2006)
to fit the data but this composite rate law is mathematically
equivalent in following the approach of Maher et al. (2006). A TST
rate law (dashed [short] line) is also included on the plot for
comparison.
chemical equilibrium is approached (Burch et al., 1993;
Brantley, 2004; Hellmann and Tisserand, 2006). To formu-
late an appropriate rate law that describes the sigmoidal
rate behavior, albite dissolution data collected at 150 �C
and pH 9.2 and across a range of equilibrium conditions
(Hellmann and Tisserand, 2006) were empirically fit with
two rate laws (Fig. 3) following (Maher et al., 2006). The
Temkin’s coefficient and chemical affinity power for the
near-equilibrium and far-from-equilibrium rates were as-
sumed to be constant with temperature but km was allowed
to vary according to the Arrhenius equation (activation
energies in Table 5). The empirical fit of the rate data
(Fig. 3 and Table 5) yields the following rate equation for
proton-promoted dissolution for plagioclase:

RHþ

m ¼ kFFE
m Am½1� ðQmKmÞ1=3�30 þ kNE

m Am½1� ðQmKmÞ�
ð15Þ

where kFFE
m is the dissolution rate constant for the mecha-

nism that dominates far from equilibrium and kNE
m is the

rate constant for the mechanism that dominates near
equilibrium.

Several researchers have reported that, in addition to
sigmoidal rate behavior, aqueous Al3+ cations inhibit pla-
gioclase (and other aluminosilicate) dissolution even under
far-from-equilibrium conditions (e.g., Gautier et al., 1994;
Oelkers et al., 1994). The following equation has been pro-
posed (Oelkers et al., 1994) for inhibition of alkali feldspar
dissolution at far from equilibrium conditions:

Rm ¼ kmAm

a3h
Hþ

ah
Al3þ

Q
ia

vi

1þ K �
a3h

Hþ
ah

Al3þ

Q
ia

vi

0
B@

1
CA ð16Þ

where m = plagioclase. The coefficient h is 0.33 and K � is the
equilibrium constant for the formation of the silica-rich
precursor to dissolution on the mineral surface. When the
denominator approaches one and when no other precursor
species are involved, only the numerator of the precursor
term is necessary. Thus, the following equation was used
to model aluminum-inhibition:

Rm ¼ kmAm
a3h

Hþ

ah
Al3þ

 !
ð1� ðKmQmÞ

1=3Þ ð17Þ

With the pH and Al concentration values for Merced
(pH 6–8, dissolved Al3+ concentration 1 � 10�9 to
1 � 10�13 M, see White et al., 2005), the largest possible dif-
ference in rate between the full (Eq. (16)) and simplified
(Eq. (17)) versions of the Al-inhibition rate law is always
observed to be <10%.
4. RESULTS

A baseline model was run to simulate the Merced 250 ka
profile and then a series of sensitivity tests were performed
to understand which parameters control the weathering ad-
vance rate, xm, which in turn controls Zmid

m , and the reaction
front thickness, Lm. In addition, a series of best-fit models
were developed and then compared to field data for both
Merced and Davis Run.



Fig. 4. Baseline model in comparison to 250 ka Merced profile
data. Depth versus sj,q for model reaction fronts for j = plagioclase
(solid line), k-feldspar (dashed line), and sj,q for kaolinite (solid line,
sj;q) versus field reaction fronts for plagioclase (circles), k-feldspar
(diamonds), and kaolinite (triangles).
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4.1. Merced baseline model

Baseline models were run with laboratory-measured val-
ues for km (Table 5), TST-like rate laws (rm = bm = 1, see
Eq. (11)), Ao

r;m equals the measured values (Ao
B;m, Table 2),

and va set equal to v (Table 4). To start with, hydrological
saturation, H, was assumed to equal 100% in the baseline
model runs.

After 250 ka, the model-predicted Zmid
plag was deeper than

observed and Lplag was much steeper than observed (Fig. 4).
Predicted Fplag equaled 70.2% compared to the observed
86.6% (over the upper 5 m). At 600 ka (not shown), mod-
el-predicted Fplag equaled 18.0% and was much smaller than
the observed Fplag of 77.4% (over the upper 4.25 m). The
model predicted significant k-feldspar dissolution at
250 ka (Fig. 4) and 600 ka (not shown), whereas no k-feld-
spar dissolution was observed in those soils (Table EA-3).
In contrast, the predicted Fq (not shown) in the baseline
model was close to the observed and equaled �89.0% after
3000 ka (over the upper 5 m). Modeled quartz dissolution
was confined to the upper 0.6 m. At 250 ka, kaolinite con-
centrations are overpredicted from 0 to 1.5 m and under-
predicted from 1.5 to 6 m (Fig. 4).

4.2. Merced baseline model sensitivity

Baseline model sensitivity to variations in several param-
eters was explored to determine key parameters controlling
Zmid

m and Lm, particularly for plagioclase. The following
parameters were varied relative to the baseline model and
compared to the 250 ka profile: temperature (±5 �C), diffu-
sion coefficient, D (1 � 10�5 and 1.16 � 10�6 cm2 s�1), dis-
persivity (0.01–0.1 m, physically reasonable values for the
Merced system), and the surface area exponent, c (0.01–1).
Predicted Zmid

plag and Lplag varied <5% for models run with
parameters within these ranges. Additionally, the baseline
model was run with the sigmoidal or aluminum-inhibition
rate laws previously described with minimal difference in
the predicted model results. Results for parameters that af-
fect model predictions significantly are delineated below.

Model-predicted Zmid
plag and Zb

plag significantly changed
with variations in H (Fig. 5A), kkaol (Fig. 5A), va

(Fig. 5B), or pCO2 at the upper boundary (Fig. 5C). Reduc-
ing H from 100% to <100% had the largest effect on the
baseline Zmid

plag (Fig. 5A). Once H was <100%, the exact value
was not significant at the relatively low flow velocities rele-
vant for the Merced profiles.When H was <100%, the pre-
dicted Zmid

plag was several meters deeper than the observed
(Fig. 6A). Predicted pH was higher and plagioclase was clo-
ser to equilibrium in models run with H = 100% than pre-
dicted values when H was <100% (Fig. 6B and C).
Plagioclase dissolution and kaolinite precipitation rates
were slower in the model where H = 100% (Fig. 6D).

When H < 100%, to predict Zmid
plag values that match the

field, we had to set a value for advection, va, that was much
smaller than v, a value of kkaol much lower than measured in
the laboratory (Table 5), or some combination of the two.
Changing only va required an order of magnitude decrease
relative to v (0.057 m y�1 to 0.0057 m y�1). This large de-
crease in va is unlikely, particularly since an estimated value
for transport by diffusion in this soil was 0.0073 m y�1.
When kkaol were set equal to laboratory values (Table 5)
and H was <100%, predicted Zmid

plag (Fig. 5A) and Zmid
kf (not

shown) were much deeper than the observed. In compari-
son, reducing kkaol by two or four orders of magnitude re-
sulted in a predicted Zmid

plag that was approximately 1.25
and 0.25 m deeper than observed, respectively (Fig. 5A).
When kaolinite is not allowed to react, the predicted Zmid

plag

is shallower than the observed (Fig. 5A) due to the model
solution rapidly approaching equilibrium with respect to
plagioclase. Although the predicted Zmid

plag best matched the
field for 250 ka (Fig. 5A) and 600 ka (not shown) when
kkaol was reduced by four orders of magnitude and va = v,
k-feldspar dissolution for the 3000 ka soil was significantly
underpredicted and the kaolinite saturation index (SI) pre-
diction for the 250 ka soil was 4–5, which was higher than
observed (White et al., 2005). Setting kkaol two orders of
magnitude smaller than the experimental value when H

was <100% resulted in a predicted kaolinite SI of 1–2
(Fig. 6C), which is the same range observed in the soil pore
waters (White et al., 2005). Thus adjustments to both va and
kkaol better matched the system than large adjustments to
solely va or kkaol.

With H set to <100% and kkaol set two orders of magni-
tude smaller than experimental values (Table 5), the sensi-
tivity of Zmid

plag was tested by varying va, pCO2 at the upper
boundary, and temperature. Changes in va have the largest
effect on the baseline model-calculated Zmid

plag: a 50% decrease
or increase resulted in a �50% shallower or deeper Zmid

plag and
Zb

plag, respectively (Fig. 5B). Shifting pCO2 values at
the upper boundary had a much smaller effect:
pCO2 = 10�2.1 atm resulted in Zmid

plag and Zb
plag shifting

�13% deeper than baseline while pCO2 = 10�2.5 atm re-

sulted in Zmid
plag and Zb

plag shifting �12% shallower
(Fig. 5C). A 5 �C temperature change (not shown) resulted



Fig. 5. Model sensitivity tests to determine controls on reaction front depth and slope with reference to Merced 250 ka profile. Depth versus
splag,q for field data (circles) and baseline models run with a range of input parameters to test sensitivity at 250 ka. Parameters that were varied
include: (A) saturated (solid line) versus unsaturated flow (dashed lines) and a range of kaolinite rate constants, (B) flow velocity, (C)
log pCO2, and (D) reactive surface area. In (D), the dark line represents a model where kkaol values are 10�2 slower than the values in Table 5.
Variations in clay kinetics, flow velocity, and pCO2 primarily affect the depth of the plagioclase reaction front. Only changes to the reactive
surface area (or product of the rate constant and surface area) affect the weathering gradient. Note in (D) that decreases in Ao

plag cause steeper
slopes but that the inflection point of the reaction front remains the same until the value of Ao

plag is so low that the profile becomes incompletely
developed and the reaction front becomes almost vertical.
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in similar changes to predicted Zmid
plag as those predicted for

the pCO2 variations described above. While changes in
kkaol, va, pCO2, or temperature affected Zmid

plag and Zmid
kf , none

of these parameters significantly affected Lplag and Lkf

(Fig. 5A–C).
Given these observations, it is clear that model flow

velocity is constrained both by v based on the current water
balance and by observations of Zmid

plag and Zmid
kf . Given those

two constraints on the velocity, the only way to significantly
change the modeled Lplag is to change the value of kplagAo

plag

(Eq. (11), Fig. 5D). Little is known about reactive surface
area. In contrast, a large body of data has been compiled
for laboratory rate constants (e.g., Brantley, 2008); there-
fore, we assume that kplag is equal to the laboratory value.
We therefore tune Ao

r;m to achieve model profiles that match
the observed. Reducing Ao

r;plag by two to three orders of
magnitude relative to Ao
B;plag is necessary to predict model

Lplag similar to the observed (Fig. 5D).

4.3. Merced best-fit models

As shown in the previous section, Merced was modeled
successfully with the following approach. First, the value
for H was established. Second, kkaol was set to a value that
resulted in accurate prediction of measured k-feldspar dis-
solution and kaolinite SI values. Third, the observed value
of Zmid

plag (the most soluble mineral) was used to constrain the
best-fit value for va. Once a value for va was determined, the
model-predicted values of Lm were matched to field data by
tuning Ao

r;m for each mineral.
The primary criterion used for the best-fit models was

minimization of the sum of the square of the errors between



Fig. 6. Comparison of model runs with laboratory kkaol and hydrologically saturated (thick solid line), laboratory kkaol and hydrologically
unsaturated (thick dashed line), or kkaol � 10–2 and hydrologically unsaturated (thin dashed line). Depth versus (A) sj,q for model reaction
fronts for j = plagioclase and kaolinite (solid lines) versus 250 ka field data for plagioclase (circles) and kaolinite (triangles), (B) pH, (C)
saturation indices for plagioclase and kaolinite, (D) plagioclase and kaolinite reaction rates plotted per m3 of porous medium for models run
with the kaolinite rate constants set at values given in Table 5 (solid lines) or 10�2 smaller than the values in Table 5 (dashed lines), and (E)
carbon species for saturated versus unsaturated models. The upper step in the (B) pH, (C) SI, and (D) rate curves represents the k-feldspar
reaction front and the lower step represents the plagioclase reaction front. In (E), total alkalinity in the saturated model remains constant at
�4 � 10�4 lmol/L and CO2(aq) in the unsaturated model remains nearly constant.
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Table 6
Best-fit models.

Model best-fit flow
velocity (m y�1)

Adjustment factor (Ao
B;m=Ao

r;m) Observed volume
remaining (Fj)

Modeled volume
remaining (Fj)For best-fit with

TST rate laws
For best-fit with
Al-inhibition rate law

For best-fit with
sigmoidal rate law

Merced

40 and 250 ka

k-Feldspar 250 99.2
Plagioclase 0.016 468 49.5 46.8 86.7 83.9
Quartz 240 100
Kaolinite 120 158

600 ka

k-Feldspar 556 98.9
Plagioclase 0.009 936 117 93.6 77.4 77.4
Quartz 540 100
Kaolinite 170 181

3000 ka

k-Feldspar 974 19.5 24.6
Plagioclase 0.13 1560 105 468 4.97 5.33
Quartz 983 99.3
Kaolinite 460 521

Davis Run

Muscovite 211
k-Feldspar 0.17 194
Plagioclase 53.0 5.3 6.2 27.0 27.0
Quartz 40.1
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the model-predicted and field values of Lplag (250, 600,
3000 ka soils) and Lkf (3000 ka soil). We also used a second-
ary criterion: model and field Fm for plagioclase and k-feld-
spar were constrained to be <3% different for each mineral.
The field observations for the 40 ka soil rely on only two
depth values. Therefore, the best-fit parameters for the
40 ka soil were assumed to be the same as the 250 ka soil.
Because significant k-feldspar dissolution is only observed
for the 3000 ka soil and no quartz dissolution was observed
through 3000 ka, the values for Ao

r;m for k-feldspar and
quartz were first tuned to match k-feldspar and quartz pro-
files at 3000 ka. For models predicting dissolution for soils
of age y < 3000 ka, the k-feldspar and quartz values for Ao

r;m

were calculated as:

Ao
r;m

Ao
B;m

� �
y

Ao
r;m

Ao
B;m

� �
3000

¼

Ao
r;plag

Ao
B;plag

� �
y

Ao
r;plag

Ao
B;plag

� �
3000

ð18Þ

In other words, the ratio of Ao
r;m to Ao

B;m for k-feldspar
and quartz between each younger soil (y = 250 and
600 ka) and the 3000 ka soil was set to approximately the
same ratio as Ao

r;m to Ao
B;m for plagioclase between each

younger soil and the 3000 ka soil.
Best-fit predictions for Zmid

plag require that v be multiplied
by �0.3, 0.2, and 2.3 for the 250, 600, and 3000 ka soils,
respectively, to calculate va (Table 6). To match model
and field values of Lplag for the 250, 600, and 3000 ka soils
(Figs. 7A and 8), Ao

r;plag was decreased relative to Ao
B;plag by

factors of 470, 940, and 1600, respectively (Table 6). Pre-
dicted saturation indices and reaction rates for the 250 ka
profile also are shown (Fig. 7B and C).
Plots of best-fit models for each profile also show pre-
dicted plagioclase reaction fronts for each of the other Mer-
ced soils (Figs. 7A and 8). For the 250 and 600 ka soils,
modeled k-feldspar and quartz dissolution are minimal.
At 3000 ka, va values were set so as to accurately predict
the k-feldspar front. Model kaolinite concentrations in all
profiles are highest at the surface and decrease with depth
(Figs. 7A and 8). The average model and field kaolinite
enrichment over the top 5 m (or top 4.25 m for 600 ka)
are similar: predicted values for skaol,q of 1.6, 1.7, and 5.2
as compared to observed values of 1.2, 1.8, and 5.6 for
the 250, 600, and 3000 ka soils, respectively. Predicted clay
concentrations are higher than observed in the upper meter
and lower than observed for intervals deeper than 1.5
meters (Figs. 7A and 8).
4.4. Solution chemistry predictions

An additional constraint on these models not used thus
far is the measured pore fluid chemistry. The best-fit Mer-
ced model described in the previous section for the 250 ka
soil also predicted the pore water chemistry well for that
same soil (Fig. 9; for more details on pore water chemistry
see White et al., 2005). Predicted pH values were similar to
pH values calculated for each depth interval by using aver-
age measured soil pCO2 and alkalinity as inputs for PHRE-
EQC (Fig. 9A). It was necessary to calculate pH values for
the field samples because pH values as originally measured
were high due to the degassing of CO2 from solutions with-
in the suction lysimeters (White et al., 2005). Model-pre-
dicted alkalinity and Na concentrations also matched the



Fig. 8. Best-fit models for Merced (A) 600 ka and (B) 3000 ka profiles. (A) Profiles of the sj,i for model reaction fronts for plagioclase (600 ka:
thick solid line, 40, 250, and 3000 ka: thin dashed lines). skaol,q values are shown as solid line for model output and triangles for observations.
(B) sj,i model reaction fronts for plagioclase (3000 ka: thick solid line, 40, 250, and 3000 ka; thin dashed lines) and k-feldspar (thick dashed
line) and skaol,q (solid line). Observed concentrations are shown as symbols for plagioclase (circles), k-feldspar (diamonds) and kaolinite
(triangles). Dotted lines in all figures indicate where the mass transfer coefficient = 0.
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run for hydrologically unsaturated conditions as described in text.
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observed (Fig. 9B and C). The model-predicted concentra-
tions for SiO2 were somewhat lower than measured, partic-
ularly in the upper two meters (Fig. 9D). Model pore water
Al concentrations decreased from 11.6 � 10�4 to
5.43 � 10�4 lmol L�1 over 2.5–5.0 m depth compared with
measured mean Al concentrations of 593 � 10�4,
1.4 � 10�4, and 1.0 � 10�4 lmol L�1 at 2.59, 3.05, and
3.66 m depths, respectively (not shown). Measured Al con-
centrations included all Al species, including Al-organic
complexes (White et al., 2005). Model Al concentrations
were lower than the observed for the upper 3 m. The higher
observed Al concentrations were likely due to Al-organic
complexes with free Al concentrations significantly lower
than total Al concentrations (Lundström et al., 2000; Masi-
ello et al., 2004; White et al., 2005).

Some of the discrepancies between modeled and mea-
sured pore water chemistry were likely due to the fact that
the model tuned to fit the mineralogy profiles was con-
strained with pCO2 and temperature values lower than
measured currently. We tested the effects of using current
values for pCO2 (log pCO2 = �2.1 for the 250 ka soil,
White et al., 2005) and average winter temperature
(11 �C) in a second set of models. The second set of models
used the output values for Am and Vm for each mineral
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Fig. 9. Best-fit model results for Merced 250 ka pore fluid chemistry. The best-fit models were determined strictly on the basis of solid-phase
chemistry as discussed in the text. Calculated porewater chemistry for those models are shown here. Profiles of model-predicted (A) pH, (B)
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same flow velocity (0.016 m y�1) as the best-fit mineralogy model (dashed line). Also shown is the model output for a model when velocity
equals the measured flow velocity (0.057 m y�1, (dash-dot line). Both the corrected pH data (filled circles) and measured chemistry for several
years (open circles) are displayed.
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from the model tuned to fit the 250 ka profile mineralogy
(previous section), current values for pCO2 and tempera-
ture, and two different values for va (va = v = 0.057 m y�1

or va = 0.016 m y�1). These models were run for 150 y (to
ensure that a steady-state was reached with respect to solu-
tion chemistry). The model with va = 0.016 m y�1, the same
value used in the best-fit mineralogy model for 250 ka, best
matched the measured pore water concentrations for alka-
linity, pH, Na, and SiO2 (Fig. 9). Thus, with current pCO2

and temperature conditions, the model did an even better
job of matching measured pore water chemistry.

4.5. Davis Run best-fit model

To model Davis Run model, we followed the approach
learned from modeling the Merced data. In the best-fit
model, va is �70% of v and Ao

r;m for plagioclase was reduced
by a factor of �50 relative to Ao

B;m (Table 6 and Fig. 10).
The Ao

r;m values for muscovite and k-feldspar were reduced
by more than two orders of magnitude relative to Ao

B;m to
approximate the slope of the potassium reaction front in
the soil and saprolite (Table 6). Nonetheless, the model
underpredicts potassium loss because it predicts no musco-
vite or k-feldspar dissolution at depths >10 m (Fig. 10). As
with the Merced 3000 ka profile, when kkaol is reduced by 4–
5 orders of magnitude relative to experimental values, then
va is approximately equal to vm. But with those parameters,
the model underpredicts k-feldspar dissolution by an even
greater amount.

4.6. Best-fit model sensitivity

As was the case for the Merced baseline model, varying
the values for dispersion, the diffusion coefficient, c (Eq.
(7)), and H from 1% to 99% in the best-fit model had little
effect on results at the low flow velocity conditions seen at
Merced. In contrast, best-fit model predictions for both
sites responded most strongly to the form of the rate law
(TST versus sigmoidal or Al-inhibition), choice of va,
pCO2, and temperature, as well as saturated versus



mass transfer (τ )
-1 -0.75 -0.5 -0.25 0 0.25 

0 

5 

10 

15 

20 

25 

A B C 

D
ep

th
 (m

) 

Plagioclase 

Kaolinite 

Saturation Index Reaction rate x 107 
(mol m-3 s-1) 

Plagioclase 

Kaolinite 

Davis Run 
-6 -4 -2 0 2 4 

0 

5 

10 

15 

20 

25 
-4 -3 -2 -1 0 1 2 3 4 

0 

5 

10 

15 

20 

25 

Fig. 10. Best-fit model for 800 ka Davis Run profile. (A) Profiles of sj,i for model output for plagioclase (solid line) and k-feldspar (dashed
line) plotted along with observed values for plagioclase (circles) and k-feldspar (diamonds). (B) Profiles for saturation indices calculated for
plagioclase and kaolinite. (C) Profiles for plagioclase and kaolinite reaction rates per m3 of porous medium. In all figures, dotted lines
delineate 0.

252 J. Moore et al. / Geochimica et Cosmochimica Acta 93 (2012) 235–261
unsaturated flow and kkaol. For example, when the best-fit
model was run with a sigmoidal dissolution or Al-inhibition
law, the value of Ao

r;plag was one order of magnitude higher
(and thus closer to Ao

B;plag) than the Ao
r;plag value for a best-fit

model with a TST-like rate law (Table 6 and Fig. 11). In
addition, use of the Al-inhibition rate law resulted in a dif-
ferent plagioclase front shape than observed for models
with TST and sigmoidal rate laws (Table 6 and Fig. 11).

Model sensitivity is higher for Davis Run where dissolu-
tion rates are faster than those at Merced. Predicted Zmid

plag

varies as a function of flow velocity (Fig. 12A and D).
A ± 5 �C variation in model temperature affected Lplag in
a manner similar in extent to changes in Ao

r;plag by ±35%
(Fig. 12B and E). This is because changes in temperature re-
sult in changes to kplag. Changes to kkaol (Fig. 12C and F) or
pCO2 (not shown) primarily affect Zmid

plag while producing
minimal changes in Lplag.

5. DISCUSSION

5.1. Controls on depth of the reaction front

We find that mineral solubility and the approach to local
equilibrium across the reaction fronts are the key factors
controlling xm and Zmid

plag. For example, although the rate
constants for plagioclase and k-feldspar dissolution are sim-
ilar (Table 5; White and Brantley, 2003), k-feldspar is less
soluble than plagioclase. This solubility difference explains
why Zmid

plag values are observed to be deeper in profiles than
Zmid

kf (this study, White et al., 2001, 2008; Maher et al.,
2009). Additionally, the relative insolubility of quartz ex-
plains lack of dissolution observed in the field at Merced
(White et al., 1996) and model prediction of minimal quartz
dissolution in the baseline and other models.

Within the context of our models for weathering pro-
files, the approach to local equilibrium with respect to a
particular mineral was affected by the chemical composition
of the reacting solution. The chemistry of the reacting solu-
tion was in turn controlled by three factors: (1) saturated
versus unsaturated hydrologic flow, (2) secondary mineral
precipitation rates, and (3) fluid flow velocity. Each factor
influences the point at which solutions reached chemical
equilibrium with respect to dissolving minerals and thus
the rate of reaction front advance and mineral depletion.
Without the approach to chemical equilibrium, reaction
fronts do not have a sigmoidal shape across the depth inter-
vals of interest but rather are nearly vertical, similar to the
plagioclase reaction front in the 3000 ka Merced soil
(Fig. 8B).

The first factor controlling xm was H. Models run with
H = 100% or H = <100% predicted different solution chem-
istries and values for Zmid

plag and Zmid
kf (Fig. 6A and C). With

H = 100%, [CO2(aq)] decreased across Lplag with a corre-
sponding increase in [HCO3

�] (Fig. 6E). However, the
model total alkalinity remained constant (Fig. 6E) because
the system was essentially closed with respect to CO2(g) due
to the relatively slow rates of gas diffusion in water. The pH
increased across the reaction front and was controlled pri-
marily by mineral dissolution reactions (Fig. 6B). There-
fore, in the hydrologically saturated models, relatively
high pH values and slow dissolution rates below Zmid were
predicted (Fig. 6B and D) and chemical saturation with re-
spect to plagioclase was rapidly approached. The model run
with H = 100% predicted that one meter below Zmid

plag, the
plagioclase SI increased by a factor of 3440 and dissolution
rates decreased by a factor of 570 (Fig. 6C and D). This
quick decrease in dissolution rate yielded a plagioclase reac-
tion front that resembles a step function (Fig. 6A).

In contrast, in the model where H was <100%, CO2(g)

diffusion from the upper boundary was relatively rapid
through air in the unsaturated pore space and so [CO2(aq)]
remains constant with depth (Fig. 6E). At higher [CO2(g)],
the model pore fluid was predicted to have lower pH across
the reaction fronts in the unsaturated model (Fig. 6B). As a
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result, the pH increase was smaller across the reaction front
because of the constant [CO2(g)] in the regolith. At these
higher [CO2(g)] and lower pH conditions, the model pre-
dicted that one meter below Zmid

plag, the plagioclase SI in-
creased by a factor of 18 and dissolution rates decreased
by a factor of 14, a much slower rate of change than for
the model with H = 100% (Fig. 6C and D). The more grad-
ual decrease in reaction rates resulted in a plagioclase front
that was almost horizontal across most of the front (to
splag;q � �0:25) (Fig. 6A). Thus the model predicts faster
rates of dissolution at the base of the plagioclase reaction
front and a faster xplag (Fig. 6D). When H was <100%, pre-
dictions for the 250 ka soil displayed a better match with
the observed pH (Figs. 6B and 9A), kaolinite SI (Fig. 6C,
field SI = 1–2), and vertical separation of Zmid

plag and Zmid
kf

(Fig. 6C).
Both plagioclase and k-feldspar Zmid were predicted to

be shallower when H = 100% for Merced (Fig. 6A and
C). Additionally, plagioclase and k-feldspar fronts were
predicted to be adjacent and located where CO2(aq) was
depleted (solid line in Fig. 6C; indicated by the two high
values in the kaolinite SI). When H was <100%, the pre-
dicted plagioclase and k-feldspar fronts were no longer
adjacent, which better matches the observed (light dashed
line in Fig. 6C). These differences between hydrologically
saturated and unsaturated models indicate that front ad-
vance rates and front behavior for different minerals is
likely to be different between more open systems like those
modeled here and closed aquifer systems (e.g., Zhu, 2005).
This difference between saturated and unsaturated flow
models likely explains why we successfully modeled the pla-
gioclase reaction front at Davis Run, which is located deep
in the profile where H = 100%, but we could not success-
fully model the k-feldspar reaction front, which is located
shallower in the profile where H was <100%.

The second key factor controlling xm was secondary
mineral precipitation rates (and solubility). The importance
of the connection between primary mineral dissolution and
secondary mineral precipitation has been increasingly
highlighted in recent laboratory and modeling studies
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Fig. 12. Sensitivity of best-fit models for Merced and Davis Run. Model-predicted plagioclase reaction fronts are shown based on different
assumed values of the fluid flow velocity for (A) Merced at 250 ka and (D) Davis Run at 800 ka; different assumed values of temperature (B)
for Merced at 250 ka and (E) Davis Run at 800 ka. Model output based on different values for kkaol for (C) Merced at 250 ka and (F) for Davis
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(atm) = �2.1 or �2.5) result in model-predicted fronts similar to those resulting from flow velocity variations (see, for example, similar
sensitivity tests in Fig. 5).
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(Zhu et al., 2004; Godderis et al., 2006; Goddéris et al.,
2010; Ganor et al., 2007; Maher et al., 2009; Zhu and Lu,
2009). The precipitation of secondary minerals serves as a
sink for mineral dissolution products. Without that sink,
pore water solutions rapidly approach chemical equilib-
rium. As a result, mineral dissolution rates slow signifi-
cantly and prevent further advance of the reaction front
until a chemically unsaturated parcel of water flows past.
In the absence of secondary mineral precipitation, the rapid
approach to chemical equilibrium results in extremely low
values for xm (this study; Ganor et al., 2007; Maher
et al., 2009) and thus predicted Zmid

plag values shallower than
observed (Fig. 5A).

In the only similar study to date, kkaol was reduced by six
orders of magnitude relative to the laboratory value in or-
der to set va � v (Maher et al., 2009). However, as described
above, we found reducing kkaol by two orders of magnitude
relative to laboratory values (Table 5), along with reducing
va relative to v, was necessary to achieve a good match to
mineral profiles and the pore fluid chemistry. Additionally,
all the models reported above were run with log K for kao-
linite set to the discussed values, but in sensitivity testing we
found that kaolinite solubility also affected the advance rate
of the plagioclase reaction front. More soluble kaolinite re-
sults in more dissolution products remaining in solution
and thus produced a similar effect on the advance rate as
smaller values of kkaol. Maher et al. (2009) also observed this
phenomenon. While a smaller kkaol or higher kaolinite solu-
bility resulted in a factor of two decrease in dissolution
rates across the main part of the plagioclase reaction front,
the most important effect of varying the kaolinite rate con-
stant or solubility is seen in the predicted xplag (Fig. 6D).
Those same changes in kkaol or log K for kaolinite resulted
in different predictions for solution chemistry profiles, par-
ticularly for kaolinite SI values (Fig. 6C). Thus good ther-
modynamic data for secondary minerals is an essential
part of modeling these systems. Additionally, these results
suggest that Eq. (5b) is not entirely applicable to multi-
ple-mineral, multiple-component systems since secondary
mineral precipitation rates affect xm.

The third factor controlling xm was va. Faster va resulted
in faster xm and thus deeper Zmid

m (Fig. 5B). Once the hydro-
logic saturation state and secondary mineral parameters
were established, va was tuned until the predicted reaction
front depth matched the observed.

5.2. Controls on slope (or thickness) of the reaction front

When all else is equal, thinner reaction fronts with shal-
lower slopes indicate faster rates of dissolution than thicker
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fronts with steeper slopes (this study; Lichtner, 1988; Mur-
phy et al., 1998; White, 2002). The primary parameters con-
trolling Lm are kmAo

r;m and the form of the rate law (Figs. 5
and 11). MAT (an extrinsic factor) serves as an underlying
control since km varies with temperature. The effect of vary-
ing each parameter was more apparent in systems like Da-
vis Run where reaction rates are faster, e.g., a 5 �C
temperature change results in a more obvious difference
in the slope of the reaction front (Fig. 12B and E). Note
that despite faster plagioclase reaction rates at Davis Run
compared to Merced (as seen in the smaller adjustment nec-
essary to Ao

r;m, Table 6), the reaction front is thicker at Davis
Run because v (and va) are larger, which fits with the rela-
tionship predicted by Eq. (5a). As discussed in the introduc-
tion, km and form of the rate law may be considered to be
intrinsic weathering factors that describe individual miner-
als. Additionally, both experimental data and model output
are consistent with decreases in Ar;m over the weathering
duration – thus surface area is an intrinsic weathering fac-
tor although it changes with time in ways that are hard to
predict. Results indicate that Lm increases with va and
decreases with kmAm and thus the general relationship
described in Eq. (5a) holds for multiple-mineral, multiple
component systems (Fig. 13). Because va is constrained by
both flow velocity measurements and Zmid

m , kmAm

(Eq. (5a)) is the only term that can be changed in the model
to fit the observed Lm. Due to the importance of kmAm in
controlling Lm, the form of the rate law (TST, aluminum-
inhibition, or sigmoidal) determines how much Am must
be adjusted to achieve model predictions that match
observed Lm.

As observed in experimental and field dissolution, the
specific surface area of a mineral increases with weathering
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Fig. 13. FLOTRAN-predicted results for plagioclase: (A) reaction front
where Lplag and Zb

plag are shown as a function of different values for kmAm.
of the parent plagioclase concentration. Here, Zt

plag was defined as the dep
Note that the reaction front thickness (A) varies little with flow rate un
changes to a mixed regime controlled by both kinetics and transport. The
transition between regimes for more reactive phases occurs at higher va
increases directly with flow rate but inversely with kmAm (i.e., compare E
varies little with flow rate under low-flow conditions (<0.1 m y�1) but inc
Under low-flow conditions, transport occurs by both diffusion and advec
soil where km is pH-independent and surface area is constant.
duration while reactive surface area decreases both on a
specific surface area and volumetric surface area basis
(White et al., 1996, 2008; White and Brantley, 2003; Wash-
ton et al., 2008). This decrease in reactive surface area re-
sults in decreasing dissolution rates for progressively older
soils at Merced (White et al., 1996, 2005). In our best-fit
models, it was necessary to decrease Ao

r;plag to forward
model soils of increasing age at Merced (Table 6). This
modeling is thus consistent with the conclusion that the
reactivity of minerals decreases with duration of weather-
ing. A similar suggestion was made based on modeling of
plagioclase weathering in deep sea sediments (Maher
et al., 2006) as well as laboratory dissolution studies with
extended durations (White and Brantley, 2003). While
BET measurements of mineral specific surface area are
commonly used as a proxy for reactive surface area, efforts
to develop a better measure of the reactive surface area of
minerals are ongoing across a range of spatial scales
(Gautier et al., 2001; Metz et al., 2005; Navarre-Sitchler
and Brantley, 2007; Washton et al., 2008). In the interim,
using reactive surface area as an adjustable parameter to
model field dissolution seems conceptually preferable to
changing rate constants.

Reactive surface area is likely to have two components
in field systems. One component is the chemically reactive
surface area, which is intrinsic to the mineral and will de-
cline with weathering duration both on a per mass and
per volume of regolith basis. A second component of reac-
tive surface area is the hydrologically-accessible reactive
surface area, i.e., the volumetric surface area that is acces-
sible to reacting fluids (see below for further discussion).
Variations in hydrologically-accessible surface area, which
are transport-controlled, are likely to be larger between
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til a critical value of the flow rate where the kinetic-limited regime

critical value varies with the assumed value of kmAm such that the
lues of flow rate. Above the critical value, reaction front thickness
q. (5a)). Similarly, as shown in (B), the depth to the reaction front
reases directly with flow rate above that value (compare Eq. (5b)).

tion. These results are for a simplified version of the Merced 250 ka
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field sites than variations in the chemically-reactive surface
area. Thus, a combination of geochemical and hydrological
techniques will be necessary to assess reactive surface area
in field settings.

5.3. Field versus laboratory

Some of the difficulty in comparing laboratory rate con-
stants with the field is that field-derived rates are apparent
rates that incorporate factors such as heterogeneous hydro-
logic pathways, reactive surface area, and chemical affinity
effects (this study; Velbel, 1993; Lichtner and Kang, 2007;
Brantley and White, 2009). As a result, it is not surprising
that field rates are lower than laboratory rates. For exam-
ple, previous work using mass balance methods found the
difference between plagioclase dissolution rates calculated
from field data at Merced (10�15 to 10�16 mol m�2 s�1)
and Davis Run (10�16 to 10�17) versus those measured in
the laboratory far from equilibrium at pH 7 (10�12.05) to
be approximately four orders of magnitude (White et al.,
1996, 2001). In contrast, when dissolution was modeled
with FLOTRAN using a TST rate law, the difference be-
tween Ao

B;m and Ao
r;m for plagioclase was approximately 55

for Davis Run and 470–1560 for the Merced profiles (Ta-
ble 6). This smaller difference between laboratory and field
when modeling with FLOTRAN suggests that one to two
orders of magnitude of the difference in dissolution rates
calculated from field data and laboratory dissolution rates
is accounted for with a full kinetic rate law that incorpo-
rates the slowing of mineral dissolution rates as chemical
equilibrium is approached. The Al-inhibition or sigmoidal
rate laws further reduced the difference between the field
and laboratory to as low as a factor of 5 (Table 6). These
results suggest that much of the laboratory-field discrep-
ancy may be explained by dissolution in natural systems
predominantly occurring at near-equilibrium conditions
(e.g., this study; Kampman et al., 2009; Maher et al.,
2009). Thus reactive transport models with full kinetic rate
laws are likely to be more accurate for estimating field
weathering rates than mass balance approaches to estimat-
ing rates. Geometric, analytical, and spreadsheet methods
present intermediate approaches, in terms of complexity,
to estimating weathering rates.

It is also of interest that model-predicted chemistries of
solids and pore water both match field data better when va

is smaller than v (Table 6 and Fig. 9). Reduction of va rel-
ative to v was also necessary in a simple spreadsheet model
for a similar chronosequence near Santa Cruz, California
(White et al., 2008) and in modeling of mineral abundances
in Merced A horizons for profiles that weathered 10–
3000 ka (Boyle, 2007). In addition, the same va value
worked best to match both the water and solid chemistry
for the Merced 250 ka soil (Figs. 7 and 9).

Based on all these observations, it is apparent that not
all the water flowing through the soil encounters reactive
mineral surfaces. For instance, slow flow rates, H < 100%
at all depths, and non-isovolumetric weathering in the
upper part of the Merced profiles, combined with the higher
clay concentrations with soil age due to weathering, in-
crease the likelihood of heterogeneous flow. A hydrological
study performed on the 40 ka Merced soil found that dead-
end pores played a major role in solute transport in the soil,
particularly in the upper meter (Green et al., 2005).

While, the bromide tracer used by Green et al. (2005)
was driven into dead-end pores by high concentration gra-
dients, the opposite effect would occur for weathering prod-
ucts. At Merced, low concentration gradients between the
bulk flow and micropores or dead-end pores would result
in slow transport out of, and relatively high concentrations
of weathering products in, smaller pore spaces. The pres-
ence of high-concentration, near-equilibrium fluids in pore
spaces provides an explanation of the slow dissolution rates
documented in two observational studies. A “nanocatch-
ment” field weathering study found that the best explana-
tion for the correlation of increasing mineral dissolution
rates with increasing flow rates was faster transport of sol-
utes from soil micropores (Clow and Drever, 1996). In a
laboratory study, mineral dissolution rates were found to
be a factor of 4 faster when the same material was dissolved
in batch experiments as compared to column experiments
with unsaturated fluid flow (Evans and Banwart, 2006).
The primary factor causing slower dissolution in the col-
umns was slow rates of transport of solutes between immo-
bile water in the micropores and mobile water flowing
through the macropores (Evans and Banwart, 2006). An-
other climatic and hydrologic factor that may reduce disso-
lution rates at Merced is the contrasting wet and dry
seasons. One laboratory study found that plagioclase disso-
lution rates decreased after a drying period of 50 days
(Ganor et al., 2005). Thus, bulk flow rates measured for
soils like Merced, where H is <100% and that are seasonally
dry, do not represent homogeneous plug flow through the
soil column. As a result, the hydrologically-accessible Ar;m

at Merced is much smaller than the total Ar;m, which is
the likely explanation for the discrepancy of 50–500
(Table 6) that remains even when the Al-inhibition or sig-
moidal rate laws are used in the model.

In contrast, at Davis Run, the flow velocities are higher
due to higher meteoric precipitation and the lower regolith
is at, or near, hydrological saturation (Pavich et al., 1989).
The plagioclase reaction front occurs in an isovolumetric
weathering system with no compaction and changes in
hydrology are minimized with depth in the saprolite and
during the period of dissolution (Pavich et al., 1989). For
Davis Run, va is only reduced by �30% relative to v (as op-
posed to a factor of 75–85% for the Merced 250 and 600 ka
profiles). The smaller difference between v and va may indi-
cate that bulk flow rates are a better measure of mineral–
water interaction at Davis Run due to the saturated flow
conditions at the depth of mineral reaction.

Despite the hydrological complexities, the model did
reasonably well predicting the total amount of clay in the
Merced soil profiles but did less well predicting the depth
distribution of the clays. Two likely factors, one physical
and the other chemical, contribute to the model overpredic-
tion of clay concentrations in the shallow subsurface and
underprediction of concentrations below about one meter
depth. The physical factor is the physical transport and
movement of clay particles by water moving through the
soil, a process not modeled in FLOTRAN. The chemical
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factor is related to the complexation of aluminum with or-
ganic matter. Aluminium concentrations were high in the
shallow subsurface but declined with depth (White et al.,
2005). The decline in aluminum concentration corre-
sponded with a decrease in soil organic matter concentra-
tions (White et al., 2005). Most likely Al and Fe in the
upper soil complexed with organic matter. As the organic
matter concentration declines, more free aluminum was
present in the solution which then precipitated as secondary
minerals, a process observed both in forests (Lundström
et al., 2000) and in grasslands (Masiello et al., 2004).

5.4. Implications and summary

Model results from this study predict that if all other
factors remain constant, higher pCO2 and temperature will
increase geochemical fluxes from a weathering soil system
(Fig. 9), especially under hydrologically unsaturated condi-
tions. These observations may be important to understand-
ing effects of anthropogenically-induced climate change on
soil systems. Accurate prediction of contemporary fluxes
will require more sophisticated hydrological models that in-
clude heterogeneous flow and water retention in pores, both
of which have been shown to vary with temperature (Rich-
ards and Kump, 2003).

We used the reactive transport model FLOTRAN to
model mineral dissolution in granitic chronosequence soils
(Merced, CA) and granitic saprolite (Davis Run, VA).
Our results indicated that depth and fraction of mineral
depletion are largely a function of secondary mineral pre-
cipitation kinetics and hydrology, including fluid flow
velocity and saturated versus unsaturated flow. Once sec-
ondary mineral parameters were established, the fraction
of mineral remaining in a soil or saprolite was predomi-
nantly controlled by fluid flow velocity. Therefore, our ap-
proach was (1) properly model the hydrological saturation
of the system, (2) reduce the secondary mineral rate con-
stants by two orders of magnitude relative to laboratory
constants, and (3) tune fluid flow velocity to a value that
correctly predicts the depth at which 50% of the most abun-
dant reactive mineral is depleted. Once the flow velocity is
tuned, reaction front slope is modeled by using laboratory
rate constants for mineral dissolution and tuning the reac-
tive surface area of minerals in the parent material.

Use of non-TST rate laws reduced the difference be-
tween the laboratory and the field at Merced by an order
of magnitude. Much of the remaining difference at Merced,
where unsaturated hydrologic flow occurred, is likely the re-
sult of the heterogeneous flow paths in natural systems as
compared to ideal flow paths through porous media –
and the implications of these heterogeneities for fluid chem-
istry. In contrast at Davis Run, where plagioclase weather-
ing occurred in a zone with saturated hydrologic flow, the
difference between the laboratory and field was quite small
when a sigmoidal rate law was used to model near-equilib-
rium dissolution. These results strongly indicate that pre-
dictions of field mineral dissolution will improve with
detailed characterization of the hydrology, particularly in
unsaturated flow systems like soils, along with characteriza-
tion of the geochemistry and mineralogy. Improved
understanding and modeling of heterogeneous flow and
transport over geological time scales will be one of the keys
to better predicting field mineral dissolution (e.g., Maher,
2010). Dual-continuum reactive transport models (e.g.,
Lichtner, 2000) will likely be useful to determine the effects
of nonhomogeneous flow, e.g., the effect of dead end pores
on pore water chemistry and mineral dissolution rates.

Results presented in this paper emphasize that reaction
transport models can be used to understand soil mineral
weathering over geologic time to 106 y using a relatively
simplified model with simple modeling of hydrology and
that excludes biological effects. The results also suggest that
calculating field dissolution rates with a reactive transport
model rather than graphical or spreadsheet methods re-
duces the discrepancy between laboratory rate constants
and field-derived rates. In particular, by incorporating sec-
ondary mineral precipitation and the approach to chemical
equilibrium with respect to soil minerals, either by using
TST or sigmoidal rate laws, reactive transport models more
closely approximate chemical processes occurring in soil
solutions and bridge a major gap between the far-from-
equilibrium conditions under which dissolution experi-
ments are usually conducted and the more concentrated
and near-equilibrium conditions that predominate in soils.
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APPENDIX A. DEPTH-AVERAGED PROFILE

CALCULATION

Several depth profiles were collected at each terrace by
auger cores and soil pits (Harden, 1987; White et al.,
1996). Data from depth profiles from each terrace, collected
at slightly different locations and at different depth intervals
(Table EA-1), were used to construct a composite profile
for each chronosequence soil with the equation:

W m ¼
P

wmfdfsP
fdfs

ðA:1Þ

where Wm is the composite mineral concentration (weight
fraction) for some mineral m over a given interval, wm is
the concentration based on quantitative XRD mineralogy
data for a given sample interval, fd is the fraction of the the-
oretical composite depth interval represented by the actual
sampling interval (e.g., if the composite depth interval is 0–
30 cm and a sampling interval for one reported soil profile
was 0–15 cm, the mineralogy of that sampling interval
would be weighted at 0.5), and fs is the fraction of the sam-
pling interval contained within the composite depth interval
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(e.g., if the composite depth interval is 0–30 cm and a sam-
pling interval for a given soil profile is 0–40 cm, the miner-
alogy of the interval would be weighted at 0.75). Only one
depth profile was collected and analyzed for the 40 ka soil.
The composite profiles are tabulated in Table EA-6.

The parent mineralogy and composite profiles were con-
verted to a volume basis for use in, and comparison to, the
model calculations. The mass to volume conversion was
calculated as:

V m ¼
W m=qmP
ðwi=qiÞ

ð1� /Þ ðA:2Þ

where wi and qi are the weight fraction and the specific den-
sity, respectively, for the ith mineral, and / is the soil poros-
ity. The mineral specific densities used in the mass to
volume conversion are listed in Table EA-7. The total vol-
ume fraction, including porosity, must equal one. For the
simplified profiles where biotite and hornblende were ex-
cluded, the volume fractions for biotite and hornblende
was reallocated to pore space so that the total volume frac-
tion remained equal to one. The composite profiles con-
verted to a volume fraction basis are tabulated in
Table EA-8.

APPENDIX B. CALCULATION OF MINERAL- AND

GRAIN-SIZE SPECIFIC SURFACE AREA

The geometric specific surface area (SGeo
m , m2 g�1) for

some grain size class g for a mineral m was calculated using
the following equation:

SGeo
m ¼ 6

qmdg
ðB:1Þ

where qm = mineral density (g cm�3) and dg is the mean
diameter (cm) for grain size class g. This equation is based
upon the assumption of smooth, spherical particles. Min-
eral specific densities are listed in Table EA-7.

The SGeo
m was converted to a BET-equivalent specific sur-

face area by multiplying by the roughness factor, i.e., the
ratio between the BET specific surface area and the geomet-
ric specific surface area (Brantley et al., 1999; Helgeson
et al., 1984). Grain-size and mineral type were both used
to calculate roughness factors. Grain-size specific roughness
factors for the Merced parent material were calculated from
the reported average BET measurements for the sand and
silt grain size classes from the Post-Modesto and Modesto
soils (White et al., 1996). For those two soils, roughness
varied linearly with kdg:

kg ¼ 2137dg þ 37:34; R2 ¼ 0:976 ðB:2Þ

Here, kg is the roughness factor for a given grain size class
g. See Table EA-9 for slight discrepancies between some of
the grain size classes the grain size distribution (Harden,
1987) and the grain size classes measured for BET surface
area (White et al., 1996). It was assumed that the mineral-
ogy of each grain size fraction was the same as the bulk
mineral composition.

In addition to variations with grain size, different miner-
als have different roughness factors. For this study, min-
eral-specific roughness factors were calculated by using
average roughness factors calculated from BET measure-
ments of quartz, plagioclase, and k-feldspar mineral sepa-
rates from the two youngest Merced soils (White et al.,
1996). The sum of the average roughness for each of the
three minerals was calculated and when the BET surface
area was calculated using the calculated roughness, the cal-
culated BET surface area was within 10% of the BET mea-
sured surface area of the 0.05–0.1 cm grain size fraction (see
Table EA-10). Thus, the roughness for a given mineral m

was calculated as the fraction of the total roughness for
all minerals (fk;m):

fk;m ¼
kmP

ka
ðB:3Þ

where km is the roughness for mineral m and
P

ka is the sum
of the average roughness factors for quartz, plagioclase,
and k-feldspar. The roughness for mineral m in a given
grain size class g was calculated from the product of
Eqs. (B.2) and (B.3):

km;g ¼ kgfk;m ðB:4Þ

The BET-equivalent specific surface area for a given
grain size class g was calculated from the product of Eqs.
(B.1) and (B.4):

SBET
m;g ¼

6

kmdg
km;g ðB:5Þ

Once the BET-equivalent specific surface area was calcu-
lated for each mineral and each grain size class, the total
mineral specific surface area was calculated for each min-
eral. The total mineral specific surface area was calculated
from the sum of the surface areas for all the grain size clas-
ses and the weight fraction of the soil for each grain size
class:

Sm ¼ Sm;g1
fg1
þ Sm;g2

fg2
þ � � � þ Sm;gn

fgn
ðB:6Þ

Here, g1, g2, gn are different grain size classes, and f is the
weight fraction for a given grain size class gn. Either the
geometric or the BET specific surface area can be calculated
from this equation. The equations outlined thus far were
used with the sand and silt fractions to calculate the total
soil specific surface area for the primary minerals. The grain
size (sand and silt) fractions were normalized so that the
sum of the grain size fractions was equal to one.

APPENDIX C. SUPPLEMENTARY DATA

Supplementary data associated with this article can be
found, in the online version, at http://dx.doi.org/10.1016/
j.gca.2012.03.021.
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